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ABSTRACT: The occurrence of maximum precipitation amounts (Ppax) on tropical high mountains at mid elevations is
well documented (spatial variability), but little is known about the temporal variability of precipitation in different elevation
zones. The present study targets this issue by combining various types of observations on and around Kilimanjaro (East
Africa, 5895 m a.s.l.) with mesoscale atmospheric modelling. In observations, the vertical moisture profiles of air masses
approaching the mountain clearly differ during ‘normal’ and ‘significant’ daily precipitation events on Kilimanjaro’s summit,
while model experiments illustrate that the elevation zone of Py, is shifted upslope substantially during the latter events.
Large (small) differences in precipitation therefore appear in the dry (moist) high-elevation (mid- and low-elevation) zones
of the mountain. This space—time pattern is evident in observations of seasonal precipitation variability on Kilimanjaro and
on nearby Mount Kenya for anomalous wet seasons, which are controlled by the frequency of ‘significant’ daily events.
The upslope shift of Pp,x in the model is favoured by dynamical factors (stronger air ascent and higher static instability of
clouds), microphysical processes (greater efficiency in converting condensate to precipitation over high-elevation terrain),
and related feedback mechanisms (stronger latent heating). Beyond the seasonal scale, tropical climate change also entails
changed frequencies of dry- and moist-air advection, which is demonstrated for the Kilimanjaro region over 1979-2006.
Thus, long-term changes of precipitation are probably most drastic in the dry summit zones of tropical high mountains.
Copyright © 2009 Royal Meteorological Society
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instance when shallow convection is embedded in strat-
iform orographic clouds (Kirshbaum and Durran, 2004;
Fuhrer and Schir, 2005).

Capturing the spatial distribution of precipitation on
mountains is difficult, but regional studies have shown
from observations (e.g. Hemp, 2006) or a combination
of observations and mesoscale atmospheric modelling
(e.g. Bormann and Marks, 1999; Rognvaldsson et al.,
2007) that mountains enhance precipitation, and amounts
tend to increase at higher elevations compared to the
lowlands. This effect is most pronounced in situations
when slopes face dominant wind directions (Dettinger
et al., 2004). While precipitation on mountains in the
extratropics (especially at high latitudes) generally
increases upslope with maxima in the vicinity of the
summit areas (e.g. Rognvaldsson et al., 2007), rainfall
on tropical high mountains maximizes at mid elevations
(Hastenrath, 1991). The decrease towards the peak
results from the mostly convective nature of tropical
precipitation, where the moisture content in the atmos-

1. Introduction

Mountains are known to significantly modify large-
scale atmospheric flow and therefore create a local- and
regional-scale climate that may differ drastically from the
adjacent plains. This is most apparent in the precipita-
tion climatology, a prominent example of which is the
Atacama Desert in the ‘rain shadow’ of the Andes — illus-
trating that mountains can be climatic divides in the most
extreme case (e.g. Roe, 2005). Hence, research on oro-
graphic precipitation has always provided a particular
stimulus to the atmospheric sciences. Recent overviews
of such research are given by Roe (2005) and Rotunno
and Houze (2007). In general, orographic precipitation is
classified into two types: stratiform orographic precipita-
tion that follows from stable and forced ascent of moist
air, and convective precipitation which involves unstable
ascent (and the presence of buoyant instability) triggered
or enhanced by the mountain. However, the transition
between the two may be blurred in the real world, for
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pheric column, as well as the precipitable water in the
convective cloud, drop above the characteristic ‘belt’ of
maximum precipitation (Hastenrath, 1991).
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The interaction between mountains and the large-scale
flow not only results in complex precipitation patterns
in mountainous terrain, but also generates distinct cir-
culation types. Schir (2002) reviewed this topic, includ-
ing flow stagnation and retardation, gravity wave break-
ing, and flow separation. He emphasizes that such pro-
cesses can occur over large spatial scales and even
impact planetary-scale waves. The present study targets
the mesoscale, and focuses on the relationship between
precipitation patterns and modification of the atmospheric
flow over a tropical high mountain: Kilimanjaro (5895 m
above sea level (a.s.l)). Africa’s highest massif, and one
of the largest free-standing mountains in the world, is
located in equatorial East Africa at the Tanzania—Kenya
border (3.1°S/37.4°E). The next section describes the
background of this choice and the specific goals of the

paper.

2. Background and goals

The characteristic vertical pattern of precipitation on
tropical mountains is also present on Kilimanjaro. Rghr
and Killingtveit (2003) and Hemp (2006) show from
meteorological measurements on the southern slope of
the mountain that the zone of maximum precipitation
(~2500 mm year~!) is located at ~2200 m a.s.l., and
coincides with the zone of montane forest. The temporal
distribution of precipitation in the Kilimanjaro region
follows a bimodal pattern with wet seasons from March to
May (MAM) and October to December (OND), separated
by a pronounced dry season (JJAS, June-September)
(e.g. Indeje et al., 2000). A moderate dry season occurs
in January and February (JF). Hygric seasonality also
dominates the climate in the glaciated summit region
of Kilimanjaro on the central peak Kibo (Figure 1), as
revealed by high-altitude measurements (Hardy, 2003;
Molg et al., 2008a, 2009a, 2009b).

Precipitation in East Africa, including the Kilimanjaro
region, depends critically on moisture supply from the
Indian Ocean. Its importance has been extensively inves-
tigated in connection with intraseasonal and interannual
precipitation variability (e.g. Webster et al., 1999; Mutai
and Ward, 2000), interdecadal fluctuations (e.g. Clark
et al., 2003), and is also evident in long-term changes of
East African precipitation (e.g. Hastenrath, 2001; Molg
et al., 2006). A recent study by Chan et al. (2008) high-
lighted this linkage on the synoptic scale: by comparing
selected MAM and OND snowfall events recorded at
automatic weather station (AWS) 1 on Kibo’s summit
(Figure 1) with the large-scale circulation as captured
by reanalysis data, they confirm the Indian Ocean as
the primary source of moisture. Only during MAM does
moisture from the interior of the African continent appear
to contribute to snowfall on Kilimanjaro.

Understanding the processes responsible for changes
to glaciers on Kibo has led to the recent interest in
precipitation on Kilimanjaro (Molg and Hardy, 2004;
Cullen et al., 2006; Molg et al., 2008a). Glaciers on
Kibo receded significantly between the 1880s and 2003

Copyright © 2009 Royal Meteorological Society

T. MOLG ET AL.

T <. v

3‘7\“’20' E e -, . 37bzg' E
3°03' S - P
1 ) B By

.

.

\

\‘ \‘

v

- v
o 2
0
]
g | B
[/ e
|" (\ ot
d ! c
1 2
¢ / =
L3
)
'\‘ / o
v ]
NI
NS e

~ ! E !’
¥s /8
</ ]
> /8
- f3
. g
- 9
2O

K

~._ 5400 _-- e

\ A S~

5 N R
- . ¢
v S, S

automatic weather station
glacier extent 2003

kilometers N vertical ice walls

Figure 1. Glaciers on Kibo in 2003 (Cullen et al., 2006) and the

locations of automatic weather stations, vertical ice cliffs/walls, the

eruption cone (Reusch Crater), and Africa’s highest point (Uhuru

Peak, 5895 m). The highlighted 5700 m contour roughly delineates

the summit plateau. Map projection is Universal Transverse Mercator

(UTM), zone 37S, with contours in metres above sea level (interval is
200 m).

(Cullen et al., 2006), and the cause has been definitively
linked to decreases in precipitation by studying the
glaciers’ mass and energy budgets (Molg and Hardy,
2004; Molg et al., 2008a, 2009b). Drought conditions
in the 20th century have also been inferred in the
surrounding regions from vegetation changes (Hemp,
2005), problems in the productivity of Maasai pastoralists
(Mwangi and Desanker, 2007), historical-source proxy
data (Hastenrath, 2001), low lake levels (Nicholson
and Yin, 2001), and palaeoclimate simulations with
coupled atmosphere—ocean general circulation models
(Molg et al., 2006).

In summary, the studies above have improved our
understanding of local precipitation patterns on Kiliman-
jaro as well as of the large-scale circulation that controls
weather and climate in East Africa and the Kilimanjaro
region. However, the link between these two scales repre-
sents a gap of knowledge: the mesoscale interaction of the
huge mountain with the air masses of the large-scale flow.
This interaction is not resolved in the gridded datasets
used to analyse large-scale circulation (Chan et al., 2008),
but is assumed to have a major impact on precipitation
(section 1) and is thus critical for the analysis of the
observed glacier shrinkage on Kibo. The present study
targets this gap in the context of the mesoscale circula-
tion, and its relationship with the temporal precipitation
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variability in different elevation zones on Kilimanjaro.
Specific goals are therefore:

(1) to examine the seasonal variability of measured
precipitation for the summit of Kilimanjaro and the
surrounding lowlands;

to analyse the atmospheric conditions (in particular
temperature, moisture and stability) of the air
masses approaching Kilimanjaro (the ‘background
flow’), and how they relate to the transition from
dry to wet events on Kilimanjaro’s summit; and
to simulate the vertical profile of precipitation on
the mountain in relation to the background flow
with an atmospheric model, to better understand
the vertical characteristics of the observed seasonal
precipitation variability.

@)

3)

3. Methods, data and modelling

Our methodology is based on direct field measurements
at high altitude (section 3.1) that help to define three dif-
ferent moisture classes of daily meteorological conditions
on Kibo’s summit. This classification (section 3.2) does
not aim to categorize all available days, but to create a
best possible contrast between the three classes. Given
this framework and the specific goals, the methodology
is structured as follows:

e First, both the sign and magnitude (amplitude) of
the seasonal precipitation variability observed in
different elevation zones are analysed statistically.

e Second, the atmospheric variability of the back-
ground flow in National Centers for Environ-
mental Prediction/National Center for Atmospheric
Research (NCEP/NCAR) reanalysis data (Kalnay
et al.,, 1996) is examined for the three mois-
ture classes through empirical orthogonal functions
(EOFs, e.g. Mutai and Ward, 2000; Molg et al.,
2006).

e Third, selected vertical profiles of the background
flow from each class are used as input to a
numerical atmospheric model (section 3.3), which
simulates circulation and precipitation patterns on
Kilimanjaro.

3.1. Observations

High-altitude measurements are conducted at three AWSs
in the summit zone of Kibo (Figure 1; station 1 operated
by the University of Massachusetts, 2 and 3 by Inns-
bruck). AWS3 is almost directly located at Africa’s high-
est point on a key glacier for revealing climate change
at this high altitude (Molg et al., 2008a), and is therefore
used as the data source for this study. Gap-free records for
nearly two years are available between 9 February 2005
and 9 January 2007 for global radiation and reflected
short-wave radiation, incoming and emitted long-wave
radiation, air temperature and humidity at two levels,
wind speed and direction, air pressure, and surface height

Copyright © 2009 Royal Meteorological Society
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change (half-hourly means for all). For details of instru-
ments, data treatment and storage, and weather conditions
at AWS3 refer to e.g. Molg et al. (2008a, 2009a). In brief,
mean air temperature at AWS3 (5873 m a.s.1., 502 hPa) is
—7°C and daily mean values fluctuate <4°C around this
value. Moderate mean wind speeds (5 m s~!) and high
mean global radiation (333 W m™2) further characterize
the weather at this site. Daily precipitation (mostly snow
accumulation) is shown in Figure 2, constructed from
the surface height change data (e.g. Molg and Hardy,
2004). The record exhibits the MAM and OND wet sea-
sons, apart from OND 2005 which was anomalously dry
(Hastenrath et al., 2007). OND 2006, in contrast, brought
abundant snowfall and anomalously strong precipitation
over East Africa (discussed further in section 4.3), proba-
bly due to the ENSO event in 2006/2007. El Nifio initiates
a Tropics-wide teleconnected response (Chiang and Lint-
ner, 2005), and does show a signature in East African
wet seasons (above-average precipitation) on the clima-
tological record (Indeje et al., 2000). The average annual
precipitation estimate from the AWS3 record (Figure 2)
is 391 mm (water equivalent) by using a minimum fresh
snow density pg = 200 kg m™> (Molg et al., 2008a).
This value of ~400 mm illustrates well the decrease
in precipitation between the low-elevation zone of max-
imum precipitation (~2500 mm year~!) and the sum-
mit.

Data from the Tropical Rainfall Measuring Mission
(TRMM, e.g. Huffman et al., 2007) are used to obtain
area-integrated precipitation at a resolution high enough
to represent the surrounding lowlands of Kilimanjaro. The
chosen TRMM product is 3B43, which merges satellite
data with rain gauge data at a horizontal resolution of
0.25° and on a monthly scale. This international joint
project maintains a dedicated website, including links to
data description and access (http://trmm.gsfc.nasa.gov/).

We utilize NCEP/NCAR reanalysis (REA) data
(Kalnay et al., 1996) to analyse the air masses approach-
ing Kilimanjaro. Data are extracted for the grid point at
2.5°S and 37.5°E, east of Kilimanjaro. The frequency
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Figure 2. Daily snow accumulation at AWS3 on Kibo (5873 m a.s.l.)

between 9 February 2005 and 9 January 2007 (days: m/d/yy). The

dashed line shows the threshold of 5 cm used to select ‘significant’
snowfall events on Kibo’s summit (see text, section 3.2).
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distribution of wind directions recorded on Kibo’s sum-
mit shows a dominant maximum (72%) of easterly winds
(45°-135°) at AWS3, and so do the REA data at 500 hPa
(66%). REA reveals that easterly winds also dominate at
lower levels, and the peak in the frequency distribution of
all winds between the surface and 500 hPa lies in the sec-
tor 45°-90° from north. Furthermore, the four grid points
surrounding Kilimanjaro show a mean altitude of only
1231 m a.s.l,, indicating that the REA assimilation pro-
cess is not disturbed by a high mountain. Taken together,
it suggests that the chosen grid point is representative of
the large-scale flow upstream of Kilimanjaro.

REA can be a pure model product in the observation-
sparse Tropics, but is closely related to nearby observa-
tions if these are representative of the REA grid box and
are therefore assimilated into the system (e.g. Schafer
et al., 2003). The rawinsonde launches at Nairobi (WMO
station 63 741) deliver observations close to our chosen
grid point and do enter the assimilation process. Data are
thus constrained by observations, which are detailed in
the results (section 4.3).

3.2. Classification of moisture and precipitation events
on Kilimanjaro

The three moisture classes defined here refer to meteoro-
logical conditions in the summit area of Kibo. Precipita-
tion amount is the central criterion. Daily snowfall >5 cm
(actual height) is classified as a ‘significant’ snowfall
event (SIG class; N = 14 days, mean snowfall is 8 cm
day~!). This threshold captures the very largest snowfall
events in the record (Figure 2). The ‘normal’ snowfall
class (NORM class; N = 41 days) covers daily snowfall
amounts of 1-2 cm; this is where the peak in the fre-
quency distribution occurs. Since measured surface height
changes <1 cm approach the maximum accuracy of the
employed instrument (e.g. Molg and Hardy, 2004), ‘nor-
mal’ may also be understood as events with minimum
snowfall amounts. Convection and precipitation in the
Tropics mainly occur in the afternoon (Hastenrath, 1991),
and strong events on Kibo’s summit are rather brief in
duration and sometimes dominated by graupel (Hardy,
personal communication; Winkler, personal communica-
tion). Assuming that precipitation falls within 3—4 hours
in the afternoon and has a density of roughly 250 % 50
kg m™ (Molg et al., 2009b) the precipitation rate (P;)
during SIG and NORM events is in the order of 3—6 and
0.5—1.5 mm h™', respectively.

Finally, we define a class of ‘very dry’ conditions on
Kibo’s summit (DRY class; N =59 days). The days
assigned to this class were selected by Molg et al
(2009a) as ‘clear-sky days’ for the summit area (i.e.
no clouds and precipitation) on the basis of high solar
radiation, low net long-wave radiation, and low relative
humidity at AWS3.

To examine whether the three classes indeed reflect
moisture conditions as a whole, Table I lists other relevant
variables for each class. This test confirms that the order
SIG, NORM and DRY does display the transition from
very wet to very dry conditions. Furthermore, the classes

Copyright © 2009 Royal Meteorological Society
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incorporate a strong seasonal signal. All SIG events
occurred in the wet seasons (Figure 2), and the majority
of NORM events also did (30 of 41). Forty-seven of 59
DRY events occurred in the climatological dry seasons
(and 12 more in the anomalously dry OND 2005).

3.3.  The numerical atmospheric model and experimen-
tal design

The Regional Atmospheric Modeling System (RAMS),
developed at Colorado State University (Pielke et al.,
1992; Cotton et al., 2003), is based on fully compressible
and non-hydrostatic primitive equations. They are solved
for an Arakawa C-grid in the horizontal on a polar
stereographic projection, while in the vertical a terrain-
following coordinate is used (Gal-Chen scaled-height).
The time dimension relies on a hybrid form of leapfrog
and forward-in-time differencing. RAMS comes with
a package of sophisticated physical parametrizations
(Cotton et al., 2003), which are detailed further below.
Model forcing at the lateral boundaries can be variable
(by nesting in a global REA or climate model) or
horizontally homogeneous (by a single sounding that
specifies the background flow).

In this study we conduct idealized simulations that
employ bell-shaped topography and horizontally homo-
geneous forcing (see Rotunno and Houze, 2007), using
soundings for temperature, moisture and the wind (which
are determined in section 4). An isolated bell-shaped
mountain is defined by a Witch of Agnesi function
with a horizontal half-width (a) of 10 km, a height of
5895 m, and a horizontal resolution Ax = Ay =1 km.
The domain size comprises 20 a (200 grid points) in each
horizontal direction (e.g. Jiang, 2003). Figure 3(a) shows
the model’s Kilimanjaro region, and illustrates that the
simple bell shape follows quite closely a more realistic
topography obtained from the Shuttle Radar Topography
Mission (Rabus et al., 2003). The half-width of 10 km
is chosen to reasonably match the real horizontal dimen-
sion at higher elevations (>4000 m a.s.l.), since cloud
development in these regions often determines whether or
not the summit zone experiences moist conditions (Kaser
and Osmaston, 2002). The 48 levels in the vertical reach
to a height of ~19.7 km (ordinate in Figure 3(b)). The
finest resolution (Az = 80 m) at the surface increases by
a stretch factor of 1.15 to a maximum spacing of 500 m
(at ~3.7 km height) above which it is held constant (e.g.
Gohm and Mayr, 2005). The time step At for the integra-
tions is 4 seconds (and 2 seconds for the terms concerning
the propagation of sound).

Regarding the physical parametrizations, turbulence
closure is calculated from a deformation-based Smagorin-
sky scheme with stability modification (see Cotton et al.,
2003), both for horizontal and vertical diffusion coeffi-
cients. Horizontal mixing is computed along truly hori-
zontal instead of terrain-following coordinates, to avoid
numerical noise due to steep topography (Zingl et al.,

Q. J. R. Meteorol. Soc. 135: 1439-1455 (2009)
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Table I. Snowfall criteria used to define classes of significant snowfall (SIG), normal snowfall (NORM), and very dry conditions
(DRY) at AWS3 in the period 9 February 2005 to 9 January 2007.

Criterion or Variable

SIG class (N = 14 days) NORM class (N = 41 days) DRY class (N = 59 days)

Daily snowfall amount (cm) >5
Global radiation (W m~2) 233
Incoming long-wave radiation 280
(W m™2)

Relative humidity (%) 87
Daily maximum water vapour 5.1
pressure (hPa)

Horizontal wind speed (m s7h 2.3
Potential instability strength (K) 23.0 (10.2)

1-2 0
296 380
223 128
73 19
4.1 1.9
4.1 5.3

23.8 (10.7) 15.0 (4.7)

Variables other than snowfall are averaged over all days in the respective class. The last row shows the strength of the potential instability in
the background flow based on NCEP/NCAR reanalysis data (to be discussed in section 4.2), with 1 o in brackets.
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Figure 3. Vertical cross-sections through the domain centre of (a) the model relief (bell-shaped and as a comparison from the Shuttle Radar
Topography Mission (SRTM) data for north—south and west—east sections), and (b) potential temperature in the ‘numerical stability experiment’
after 12 hours of integration (10 K spacing). Note the different vertical exaggerations of the plots.

2004). An initial dry experiment serves to check numer-
ical stability in this context, where we use a standard-
atmosphere temperature stratification, zero-wind condi-
tions and no moisture (see Zingl et al., 2004). Figure 3(b)
reveals that — after 12 hours of integration — the field of
potential temperature is virtually undisturbed; thus, we do
not expect numerical errors from the horizontal mixing
scheme. Given the high spatial horizontal resolution, con-
vection is not parametrized but assumed to be resolved
explicitly (e.g. Gohm and Mayr, 2005). The cloud micro-
physics scheme in RAMS (Walko et al., 1995) includes
liquid and solid precipitation, and groups hydromete-
ors into seven categories (cloud water, rain, snow, pris-
tine ice, aggregates, graupel, hail). The concentrations of
these hydrometeors are prognostically determined by the
model, based on a fixed number of cloud condensation
nuclei (3 x 108 kg=! or ~400 cm™3).

For the lower boundary, a ‘no-slip’ condition is pre-
scribed by a roughness length of 0.5 m, so vertical fluxes
of momentum are allowed. Surface heating is simulated
by prescribing a temperature difference between the sur-
face and the lowest atmospheric grid points (75, = 1 K).
The value of Ty, was found by tuning to reproduce
the observed precipitation rate in the summit zone (sec-
tion 3.2). The resultant domain-average heat flux into

Copyright © 2009 Royal Meteorological Society

the atmosphere using this temperature difference, around
40 W m™2, is in close agreement with the net heat
flux derived from the REA model. The sensitivity of
the results to Ty, is discussed in section 4.3. Lateral
boundary conditions rely on the Klemp—Wilhelmson for-
mulation for the normal velocity components (Klemp and
Wilhelmson, 1978), and a zero-gradient condition for all
other variables. At the upper boundary, a Rayleigh damp-
ing layer between ~14.2 km and the model top prevents
possible downward reflection of gravity waves and other
disturbances.

All simulations are integrated to ¢+ = 5 hours. Horizon-
tally homogeneous simulations are typically in a quasi-
steady state after ~3 hours, which means averaged fields
stay nearly constant (Fuhrer and Schir, 2005). We also
find this for our experiments (sections 4.3 and 4.4) and
evaluate the results from the output between ¢ = 3 and
five hours (e.g. Fuhrer and Schir, 2005).

4. Results and discussion

4.1. Observed precipitation at high and low altitude

In the remainder of the paper, the time-variability of
precipitation is mostly viewed as a relative deviation from

Q. J. R. Meteorol. Soc. 135: 1439-1455 (2009)
DOI: 10.1002/qj
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Figure 4. Seasonal precipitation variability (deviation in units of

monthly mean per month) at AWS3 and the surrounding lowland

of Kilimanjaro (TRMM data, averaged over all directions) between

February 2005 and December 2006. The number of days from the three

defined moisture classes (section 3.2) are displayed for each season in

bold (significant snowfall), normal (normal snowfall), and italics (very
dry conditions).

a reference (mean) value, because precipitation totals
vary so strongly with elevation on tropical mountains
(as detailed in sections 1 and 2). Figure 4 shows the
precipitation variability at 5873 m a.s.l. (AWS3) and the
surrounding lowlands of Kilimanjaro. For the latter the
four grid cells from the TRMM data to the north, east,
south and west of the Kilimanjaro grid cell are extracted.
The mean annual precipitation of these four cells varies
between 774 and 1022 mm. This is the typical amount
for lowlands at the base of the mountain, for instance as
measured in Moshi to the south of Kilimanjaro (956 mm
at 813 m a.s.l, see Fig. 12.1 in Molg et al., 2008b).
There is a clear consistency of seasonal precipitation
variability, which shows the same sign at low and high
altitudes (Figure 4). The magnitude of the deviations
in the dry seasons is very similar, while it tends to
differ in some of the climatological wet seasons. This
applies to the anomalously dry OND 2005 and to the
anomalously wet OND 2006. Hence, the relative range
of seasonal precipitation variability is greater in the
dry high-elevation zone than in the moister lowlands.
A similar pattern of moisture variability versus altitude
was detected for other tropical mountains on annual
and smaller time-scales from specific humidity (Garreaud
et al., 2003) and atmospheric long-wave radiation (Molg
et al., 2009a).

4.2. Observed variability of the background flow in
different moisture classes

Here we analyse the 1200 UTC (1500 local time) REA
data at the grid point east of Kilimanjaro (section 3.1), as
they coincide with the time of day when precipitation
on Kibo usually falls (see section 3.2). Furthermore,
the variability of the equivalent potential temperature
(6e) at 1200 UTC correlates highest with snowfall at
AWS3 (shown below). In the following paragraphs, the

Copyright © 2009 Royal Meteorological Society
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variability of the background flow in the three moisture
classes is discussed, based on the EOF pattern of 6.

The 6, profiles in each class are characterized by the
presence of potential instability (Figure 5, row 1). It is
apparent, though, that snowfall events are associated with
a potentially more unstable background flow than dry
events. Table I substantiates this through the potential
instability strength (A6.), obtained as the difference
between the surface value and the minimum value in the
0. sounding. In the DRY class, many profiles show a
potentially stable layer below 600 hPa (either 825—700
or 700-600 hPa). These layers are discussed further in
section 4.3.

The three leading modes of variability in the 6. profiles
are depicted in row 2 of Figure 5. For the two snowfall
classes, EOF1 is dominant and explains more than 80% of
the total variance. EOF1 variability is primarily expressed
in the atmospheric boundary layer (ABL) where the
highest loadings occur. In the DRY class, EOF2 is
relatively more important than in the other classes, which
indicates that variability in the 700—600 hPa layer does
play a role for the total variance of 6. during dry
events.

To get a sense of the range of conditions (temperature
and moisture structure) in the background flow for each
class, we pick out the minimum and maximum in the
EOF1 time series of 6.. The two profiles selected this
way are emphasized in Figure 5, row 1, and associated
temperature and humidity profiles are shown in rows
3 and 4. Differences in temperature are very small
and appear more clearly if temperature is expressed
as static stability of the air column, here through the
dry Brunt—Viisild frequency (Ng) (Figure 5, row 3).
However, static stability differences in the background
flow must be much larger (by roughly one order of
magnitude) to induce distinct flow regimes that lead
to differing precipitation processes (see examples in
Rotunno and Houze, 2007). The similarity of the Ny
profiles (Figure 5) underlines the homogeneity of air
temperature in the tropical climate on time-scales greater
than intradiurnal (section 3.1; Kaser and Osmaston,
2002), and implies that variability in the. 0, profiles is
essentially due to differences in the moisture content.
Row 4 of Figure 5 confirms this notion. The relative
position of the two specific humidity (g) profiles to each
other — in each class — mimics the relative position of the
two associated 6. profiles (Figure 5, row 1).

For significant snowfall events, the data suggests that
g near the surface must be >15 g kg™!, and ¢ at 500 hPa
(g500) ~4 g kg~!. Also typical during significant events
is the peak in relative humidity (RH) close to the level
of Kibo’s summit (500 hPa). Normal snowfall events
show a wider spread in possible moisture structures. It
appears they can occur in response to any conditions
between a relatively high (low) surface g but relatively
low (high) gs500. The dominant background flow during
DRY events shows a clear contrast to the snowfall classes,
and has both a relatively small surface g (<12.5 g kg™!)
and gsoo as well as ggo0 <2.5 g kg_l. Relatively high
moisture availability in the ABL thus appears to be the
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Figure 5. Vertical profiles in the background flow at 1200 UTC (reanalysis grid point 2.5° S/37.5° E) of (row 1) equivalent potential temperature

(6e), (row 2) the three leading EOFs of 6, variability (with percentages of explained variance in parentheses), (row 3) static stability, and (row

4) specific and relative humidity during (left) significant snowfall, (centre) normal snowfall, and (right) very dry conditions on Kibo’s summit.
Row 1 shows all profiles, rows 3 and 4 only the two profiles according to the minimum and maximum in the 6.-EOF1 time series.

most reliable ingredient for snowfall on Kibo’s summit,
but a low ¢ in the ABL can also result in summit snowfall
if ¢ in the mid troposphere is relatively high.

Two further issues deserve discussion in this section.
First, and this concerns the SIG class, we find a strong
correlation between the time series of 6.-EOF2 and daily
snowfall amount at AWS3 (r = 0.63). This correlation
is even higher for the 6.-EOF2 time series of the 0600
UTC profiles with r = 0.73. EOFs at 0600 UTC show a

Copyright © 2009 Royal Meteorological Society

pattern very similar to 1200 UTC (Figure 5, row 2), and
a similar eigenvalue distribution as well (EOF1: 69%,
EOF2: 19%). However, the dominant EOF1 is related
slightly better to snowfall for 1200 UTC (r = 0.3) than
for 0600 UTC (r = 0.23), which supports focusing on
the 1200 UTC profiles in this study. EOF2 has its highest
loadings around 600 hPa (Figure 5, row2, left panel), and
correlations higher than 0.5 between ¢ and daily snowfall
indeed appear at 700, 600 and 500 hPa only (0.75, 0.63
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and 0.56, respectively). This suggests that — once the
preconditions for a SIG event are provided (a surface
g>15 g kg™' and gs00~4 g kg=') — the actual
snowfall amount on Kibo’s summit strongly depends on
the moisture content in the 700-500 hPa layer of the
impinging flow.

Second, concerning all conditions, a further clear daily
correlation between local snowfall and grid-box humidity
or other useful precipitation proxies for the Tropics like
top-of-atmosphere outgoing long-wave radiation (TOA-
OLR) (e.g. Garreaud ef al., 2003) is not detectable in our
data. This suggests that moist convection triggered by the
isolated mountain has an important local effect on the
interdiurnal variability of snowfall in the high-elevation
zones. On a monthly scale, however, correlations improve
in particular for TOA-OLR vs. snowfall (r = —0.76).
This improvement for the longer time-scale could partly
reflect the occasional contribution of large-scale orga-
nized convective systems to Kilimanjaro snowfall (Chan
et al., 2008), which are probably represented well in the
grid-box value.

4.3. Simulated precipitation in different moisture

classes

4.3.1. Input data

Building on the analysis in section 4.2, two basic exper-
iments with the mesoscale model are conducted for each
snowfall class, which reflect the respective range of 6,
variability. Hence, temperature (i.e. Ng) and humidity
profiles shown in rows 3 and 4 of Figure 5 (left and
centre) are used as input for the model runs. In order to
further assess the most characteristic differences in these
q profiles, the soundings at Nairobi are used as a com-
parison (Figure 6) from the Integrated Global Radiosonde
Archive (Durre et al., 2006). This is done at a 12-hour
time-lag relative to Figure 5, when the soundings are
archived (daily for 0000 UTC) and, importantly, the g
profiles in the REA still show the same basic structure
as in Figure 5 at 1200 UTC. Radiosonde data also sug-
gest that the maximum case in the SIG class maintains
a higher g than the minimum case over the ABL and
most of the free troposphere, and the maximum case
in the NORM class shows a higher ¢ in the ABL but
no more above ~700 hPa (Figure 6). Thus, the charac-
teristic differences in the ¢ structure between the two
REA profiles of a snowfall class appear to be reliable.
Table II summarizes the basic precipitation experiments
and their nomenclature. A fifth experiment is presented
for the DRY class (‘DRY-moist 700’ in Table II), where
the second most important mode of 6, variability (EOF2)
refers to the tropospheric layer between 700 and 600 hPa
(Figure 7). The one case with an almost saturated layer at
700 hPa (RH = 93%) and a slightly stable layer below
also leads to precipitation in the model on Kilimanjaro’s
slopes.

Profiles of wind speed and direction are also required
as model input. While they do show differences in vertical
wind shear among the experiments (Table II), an analysis
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Figure 6. Vertical profiles of specific humidity in the background
flow from the radiosonde at Nairobi (1.3°S/36.9°E, 820 hPa) and
the reanalysis (2.5°S/37.5°E) at 0000 UTC on the day following the
maximum and minimum in the 1200 UTC 6.-EOF1 time series for
snowfall classes (Figure 5). The dashed radiosonde case (minimum of
‘significant’ class) has missing data in the 700—-550 hPa layer.

of wind profiles does not reveal any systematic differ-
ences between or within the classes. It is thus unlikely that
particular directional and/or velocity shear patterns gov-
ern the weather of the three classes. The impact of wind
shear on the simulated precipitation pattern is nonethe-
less examined later (section 4.3.3). Figure 8 shows that
precipitation events on Kibo’s summit are generally tied
to easterly directions in the background flow, with a
dominance of southeast in the ABL and east in the free
troposphere. Hence, the larger-scale moisture influx from
the east driven by synoptic-scale processes (Chan et al.,
2008) clearly affects Kilimanjaro (Figure 8).

4.3.2.  Vertical pattern of precipitation

Figure 9 shows the simulated precipitation by means of
scatter plots. Most notably, SIG events produce the largest
precipitation rates at higher elevations than the other
events. Experiment DRY-moist700 exhibits moderate
and localized precipitation at mid elevations but cloud-
free weather in the summit zone (discussed further in
section 4.4). The heaviest precipitation falls in experiment
NORM-max around 2000 m (on the southwestern slope),
which corresponds to the forest zone. We experienced
such a heavy event in the forest on 30 January 2005,
and the moisture profile at 1200 UTC on that day (with
a sharp decline from 12 to 4 g kg~! between 850 and
700 hPa) clearly resembles the one in Figure 5 for
the NORM-max case. The most balanced distribution of
strong precipitation occurs in SIG-max (Figure 9), where
the inflow has a relatively large ¢ (and thus RH > 60%)
up to 500 hPa (see Figure 5).

Q. J. R. Meteorol. Soc. 135: 1439-1455 (2009)
DOI: 10.1002/qj



PRECIPITATION VARIABILITY ON A TROPICAL MOUNTAIN

Table II. Precipitation experiments with the mesoscale model
and their background flow characteristics.

Experiment Characteristics

SIG-max

rel. high low-level g (~20 g kg™ 1),
gs00 ~ 4 g kg™, RH pax at 500 hPa
(85%), directional wind shear at
500 hPa (SW, N to NE below and
E to SE above), F,, = 0.072

rel. small low-level q
(~15 g kg'"), gsoo =4 g kg™,
RH ,x at 500 hPa (78%), little
wind shear (inflow from NNE to
NE at 3-5 m s~ !), F,, = 0.088
rel. high low-level ¢ (~25 g kg™!)
but small gsp0 (~2 g kg™'), low-
level RH 1. (85%), inflow from SE
but from NW to N in 700-500 hPa
layer, Fy, = 0.078

rel. small low-level g (~12 g kg™")
but hlgh 4500 (~5 g kgil)’ RH max
(96%) at 500 hPa, rather con-
stant inflow (5-7 m s~ !) from
SE (=700 hPa) and NW to N
(<700 hPa), F, = 0.085

rel. high gm0 (~8 g kg'),
gsoo ~ 1 g kg, stable layer
850-700 hPa, neutral layer
700-600 hPa, RH ,x (93%) and
directional wind shear (W) at
700 hPa (else inflow from SE),
Fn = 0.068

SIG-min

NORM-max

NORM-min

DRY-moist700

Flow characteristics are in terms of potential stability at low levels
(700 hPa and lower), specific humidity (¢) and relative humidity
(RH) at various pressure levels (subscripts), winds (300 hPa and
lower levels), and the unsaturated moist Froude number (Fy,) estimated
between surface and 500 hPa after Chen and Lin (2005) (and discussed
further in section 4.4). ‘Relatively’ (rel.) refers to a moisture class,
subscript ‘max’ denotes maximum. In the experiment names, ‘max’
and ‘min’ essentially indicate maximum and minimum low-level g,
respectively, in the moisture class.

The lower right-hand plot of Figure 9 summarizes the
vertical patterns by picking out the maximum P, from
each elevation band, and illustrates that the zone of max-
imum P, moves upslope when precipitation on Kiliman-
jaro’s summit is significant. The more frequent NORM
events have the greatest P; around 2000—-2500 m, which
coincides with the zone of observed maximum annual
precipitation (Rghr and Killingtveit, 2003; Hemp, 2006).
The summary plot also provides an important basis for
interpreting the observed seasonal precipitation variabil-
ity at low and high altitude. The largest differences in
P; between SIG and NORM events occur at the highest
altitudes, by a factor of ~4 above 4500 m, in Figure 9
(bottom right). Therefore, if SIG events are anomalously
frequent (e.g. OND 2006) or fail in a wet season (e.g.
OND 2005), the deviation relative to the temporal mean
must be greater in the dry summit zone than in the
moister lowlands — which is evident in the observations
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between 1000 and 100 hPa in the background flow at 1200 UTC

(reanalysis grid point 2.5°S/37.5°E) for the ‘normal’ (NORM) snowfall
class.

of Figure 4. Probably the smallest deviations occur in the
moistest zone between ca. 1500 and 3000 m, where both
SIG and NORM cases induce abundant precipitation, and
moderate rain may even fall from air masses that cause
dry weather on the summit and in the lowlands.
Observations of the vertical profile of precipitation on
Kilimanjaro are not available at a high enough temporal
resolution (see Tab. II in Rghr and Killingtveit, 2003) to
validate the model result of an upslope shift in the zone
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Figure 9. Simulated mean precipitation rate (+ = 3—5 hours) versus altitude over the Kilimanjaro region (5184 grid points) in the precipitation
experiments. The lower right-hand plot shows the maximum rate for elevation bands of 150 m (SIG and NORM curves averaged for ‘max’ and
‘min’ cases).

of maximum P, when air masses get moister. However,
Hastenrath (1984, 2005) has carefully compiled monthly
precipitation at two different elevations on Mount Kenya
(0.2°S/37.3°E) between 1978 and 1995: at 3050 m at
the upper limit of the zone of maximum precipitation,
and at 4200 m roughly 900 m below the summit
(Hastenrath, 1984). These data help us to evaluate our
model results and interpretations further, since anomalies
in OND precipitation over equatorial East Africa similar
to 2005 and 2006 occurred in 1982 and 1993 (Figure 10),
and Mount Kenya lies in the same climatic regime as
Kilimanjaro (Kaser and Osmaston, 2002). In the dry OND
1993, the climatological monthly mean precipitation was
only slightly exceeded at 3050 m (which is weak for a
wet season) but 40% less than the monthly mean fell at
4200 m (Figure 10, right). In the anomalously wet OND
season of 1982 both elevations saw well above normal
precipitation, which is amplified in relative terms at the

more elevated site. The number of significant events at
4200 m was also appreciably larger in 1982 than in 1993.
The measurements from Mount Kenya thus support the
pattern modelled for Kilimanjaro: an upslope shift of the
zone with maximum P, during significant precipitation
events on equatorial mountains, and greater percentage
deviations from the mean at high (and dry) elevation
zones than at mid and low (moist) elevation zones when
wet seasons experience anomalous frequencies of these
events.

4.3.3. Sensitivity tests

The main result presented above (vertical shift of max-
imum P, between SIG and NORM events) is generally
robust, as evaluated from the numerous preliminary runs
that we conducted while establishing the final model set-
up. Table III elaborates on the sensitivity of the result

Table III. Elevation difference of the grid points with maximum precipitation (Azpmax) between experiments SIG-min and

NORM-max over the

Kilimanjaro region.

Change in set-up AZpmax (M) P, (mm hour™1)
none: reference runs (Table II) 2461 11.3
no wind shear 2607 7.0
ATy, = +0.25 K 2461 13.1
ATy, = 4+0.5 K 2691 17.0
warm-water microphysics 1962 4.1

For reference run; after removing wind shear in the background flow (5 m s~! from east for both experiments); and after changing the lower
boundary condition (surface heating) and precipitation microphysics. The maximum mean precipitation rate (t = 3—5 hours) in experiment

SIG-min is also given.

Copyright © 2009 Royal Meteorological Society
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Figure 10. Standardized and area-averaged OND precipitation in equatorial East Africa (28.75-38.75°E, 3.75°N-3.75°S) from the satellite-based

CMAP observations (Xie and Arkin, 1997) between 1979 and 2006, and OND precipitation variability (deviation in units of monthly mean

per month, 1978—1995) at two elevations on Mount Kenya in 1982 and 1993 from monthly rain gauge observations (compiled by Hastenrath,

1984, 2005). The number for the high site gives daily significant events with a daily sum >+20 (data provided by the Kenya Meteorological
Department).

to the two most vital aspects: (1) Is the assumption that
differing wind shear patterns do not govern the weather
of the different classes (section 4.3.1), and thus the alti-
tude dependency of precipitation, reasonable, and (2) Do
small variations in the imposed surface-to-air tempera-
ture difference (74s,) change the main result? Experiments
SIG-min and NORM-max are considered in Table III,
since they show the vertical difference in the zone of
maximum P, (ZMP) particularly well (see Figure 9).
The differing wind conditions in the background flow
do indeed not explain the altitude difference in the ZMP
(Table III). Setting Tys, = 1 K reproduces observed P; on
the summit well (see section 3.3), but may also incorpo-
rate other uncertainties. Changing the tuning parameter
Tysa should therefore only alter the magnitude of P but
not the locations of precipitation zones — which is the
case in Table III. In all mentioned runs, the elevation dif-
ference in the ZMP amounts to roughly 2400-2700 m
(Table III). The experiment in the last line of Table III is
discussed in section 4.4.2.

4.4. Causal factors of the precipitation distribution

4.4.1. The downstream precipitation maximum

Kilimanjaro should in general experience the ‘flow-
around’ regime due to its enormous height and the
resultant dimensionless mountain height, M (also known
as inverse Froude number), clearly exceeding 1 (Schir,
2002). This means that impinging air masses are typically
blocked, undergoing flow splitting and lateral deflection
on the windward side. The effects of flow blocking on
orographic precipitation have been examined in many
studies (see Roe, 2005), and underlying mechanisms can
differ substantially from those of ‘flow-over’ cases (e.g.
Jiang, 2003).

Figure 11 illustrates the mesoscale circulation in exper-
iment SIG-min where the inflow up to the mountain
peak comes rather uniformly from north to northeast
(Table II). Noteworthy features are: (1) On the windward
side, the incoming flow is blocked and deflected around

Copyright © 2009 Royal Meteorological Society

the mountain. Flow stagnation (‘stagnation point’) occurs
at ~3200 m a.s.l., above which a counterflow evolves.
(2) After the incoming flow has circumscribed the moun-
tain, two eddies are formed in the lee of the mountain
with centres roughly at x = 80 km and y = —108 km,
and x = 106 km and y = —122 km. (3) Between the pair
of eddies, flow reversal occurs in a broad zone over the
southern and southwestern mountain slopes. (4) Two belts
of ascending air are present. The lower-lying belt con-
nects ascending air on the windward slopes with that in
the lee-side zone of flow reversal. The upper belt encloses
the area just below the summit and marks the upper end of
the stagnation zone beneath (e.g. Jiang, 2003). (5) On the
peak, characteristic northeasterly winds occur (at 5895 m
from 32°), which differ less from the background flow
(inflow at 500 hPa is from 23°) than the winds over the
slopes controlled by mountain-induced circulation. Simi-
lar features and implications of windward flow blocking
are evident in the other experiments, which is not sur-
prising in light of the very small moist Froude numbers
in all experiments (Table II).

The simulated circulation, with flow reversal and con-
vergence zones in the lee of the mountain, shifts a signif-
icant fraction of precipitation to the lee-side slopes (Fig-
ure 11). This also helps to better understand observations
on Kilimanjaro, since the background flow is mostly east-
erly (Figure 8) but the climatological precipitation maxi-
mum is found on the southwesterly flanks (Coutts, 1969;
Hemp, 2006). Already Klute (1916) noted that ‘moist air
ascends on the southern flanks of Kilimanjaro’, which
likely refers to a zone of flow reversal. Geilinger (1936)
wrote that easterly flows toward the mountain seem to
cause a counterflow on the southwestern side of Kili-
manjaro, which transports moisture from the lowlands
uphill — a situation that does appear in Figure 11.

Apart from the characteristics of the mesoscale flow,
the type of precipitation formed is also important to our
discussion. The production time for convective precipi-
tation is greater than for stratiform precipitation, so con-
vection is a major factor for shifting the precipitation
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Figure 11. (left) Mesoscale circulation at t = 3 hours in experiment SIG-min (inflow from northeast): wind vectors at the surface with grey

shading denoting a positive v-component (i.e. towards north), and bold lines delineating the areas of the w-component >0.1 m s~ at the surface

(i.e. air ascent). (right) Mean precipitation rate (mm hour~1) from t = 3-5 hours as filled contours. The dashed black line delineates the area

>1 mm h™" in a sensitivity run with neutral upstream stability (see text), where the number and arrow give amount and location of the maximum.

The topography of the mountain is depicted by the circles (500 m spacing), with the summit area (5700 m contour) highlighted by the bold
black contour in the right-hand plot.

signal downstream (Fuhrer and Schér, 2005). For exam-
ple, Jiang (2003) shows precipitation on the windward
slope of an isolated bell-shaped mountain in flow-around
experiments with stable upslope ascent. Evidence of con-
vection on Kilimanjaro has been shown in Table I, where
precipitation events on the summit coincide with low
horizontal wind speeds. Table IV lists further statistics
and substantiates the convective nature of precipitation
on Kilimanjaro. Isolated updraughts and downdraughts
are well developed (with a very similar magnitude in
runs using Ax = Ay = 500 m), and precipitation on Kil-
imanjaro typically falls from statically unstable clouds
(Nm? < 0). The latter is calculated by the squared moist
buoyancy frequency N’ for the cloud regions (Jiang,
2003; Kirshbaum and Durran, 2004), which is analogous
to Ny but for a saturated environment. Further evidence
of convection is found in the simulated hydrometeors that
contain a significant portion of graupel (detailed in sec-
tion 4.4.2), which is in agreement with our observations
(see section 3.2).

To investigate the importance of convective dynamics
we consider results from a sensitivity run, where potential
instability in the SIG-min background flow is removed
by decreasing air temperature at low levels (e.g. Fuhrer
and Schir, 2005). Thus 6, at 1000, 925 and 850 hPa is
reduced to 335 K (cf. Figure 5, top left, for the initial
unstable profile). This change does not alter the general
flow regime, since M = 1/F, (based on F, as com-
puted in Table II) remains almost unchanged (>10), and
items (1)—(5) above also appear in this run. Precipita-
tion intensity and area, however, decrease, and the latter
is concentrated on the windward eastern flanks of the
mountain (Figure 11, right). Thus the development of
convection — for an unchanged flow regime — appears
to be key in controlling the observed downstream precip-
itation maximum on Kilimanjaro. The circulation patterns
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due to flow-blocking provide an amplifying factor by
promoting upslope moisture transport in the lee of the
mountain.

It is not unusual in other geographic regions for atmos-
pheric flows to detour around mountains and precipitation
to spread above recirculating wake regions in the lee of
them (e.g. Roe, 2005). Precipitation and convection on
tropical mountains are, however, often linked to the diur-
nal cycle of insolation: the strong sun heats the slopes
during the course of a day, which leads to cloud for-
mation and precipitation primarily on western slopes that
face the afternoon sun (Troll and Wien, 1949; Hastenrath,
1991). Our intention is not to exclude the possibility that
this occurs, but we feel that it is important to demonstrate
(see above) that precipitation patterns on free-standing
tropical mountains — and associated convection due to
orographic lifting — can also have a mesoscale dynamical
component (as differential surface heating is not resolved
in our experiments).

4.4.2. The altitude of the precipitation maximum

The occurrence of maximum P, at mid elevations is a
direct manifestation of precipitation formation through
convective dynamics (Hastenrath, 1991). To help iden-
tify processes that control the actual altitude of maximum
P,, Table IV shows three-dimensional latent heating in
the cloud region and air mass ascent. The combination
of high static instability and strong latent heating in the
cloud for SIG cases is systematically tied to more air
ascent (Table IV). The particular case DRY-moist700
shows high static instabilities because of a relatively large
vertical gradient in the total water mixing ratio (due
to a sharp transition between cloud and cloud-free lay-
ers; discussed below), but little latent heating and air
ascent. Figure 12 extends to the spatial distribution of the
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Table IV. Domain extremes of vertical velocity (w, updraughts and downdraughts) from ¢ = 3—5 hours in the precipitation
experiments for the Kilimanjaro region. Also, maximum and minimum of the squared moist buoyancy frequency (N n,2), the 90%
percentiles of latent heat in the cloud (LHgg) and of vertical velocity (wqp) at t = 4 hours.

Experiment w (m s_l) Np? (107 s_2) LHyg (W m_3) wog (M s_l)
SIG-max 59/-2.3 —0.9/-8.3 1.3 0.34
SIG-min 2.9/-3.2 —1.2/-8.1 1.1 0.26
NORM-max 6.7/-2.4 —1.0/=7.7 0.7 0.08
NORM-min 3.6/-3.5 0.3/-7.2 09 0.18
DRY-moist700 1.6/—1.6 —1.6/-8.1 0.5 0.16
T T T T I S 800 SIG-min y NORM-max
0.4 i S 4 =
[ NORM-max » 400 7]
= ~_NORMmin Jg & T N
£ DRY-moist700| ° & & 500 - )
@ EI b
£ = £ 600 4
~— =]
3 o @
8_ 2 e 700 = rain ]
n £ o --- snows+ice
] A= 800
= < —e— graupel
ﬁ 900 aggregates _|
cloud water
| | | | | | | | | | | | | |
70 80 90 100 110 120 130 1000 =08 12 0 04 08 12

Horizontal coordinate (km)

Figure 12. Mass-weighted vertical velocity averaged between surface

and 400 hPa (~8 km) and for t = 3, 4 and 5 hours along the domain

centre through the mountain peak (mean from W-E and N-S sections)

in the precipitation experiments. The terrain is shown for reference as
filled plot.

vertically-averaged motion, which is computed with the
method of Colle (2008). The most prominent differences
are found for high-elevation terrain above 4000 m a.s.l.,
where SIG cases coincide with the maximum air lifting,
NORM cases approximate zero, and subsidence exists in
the DRY case. This result is maintained if only W-E or
N-S sections are plotted. The analyses thus suggest that
stronger air ascent during SIG events, particularly over
the higher-elevation slopes, (1) favours the upslope trans-
port of moisture from lower elevations, and (2) therefore
creates the basis for efficient precipitation growth over
the high-elevation terrain — which ultimately causes the
high-altitude maximum of precipitation.

Microphysical processes in clouds exert the second
major impact on orographic precipitation besides dynam-
ical factors and, as indicated above by items (1) and (2) as
well as in section 4.4.1, both are not independent of each
other (Rotunno and Houze, 2007). Figure 13 targets again
experiments SIG-min and NORM-max with their well-
developed altitude difference in the precipitation maxi-
mum, and shows the vertical hydrometeor distribution.
The maximum values are plotted, because there is a clear
spatial coherence in the horizontally projected distribu-
tions of precipitation and vertically integrated condensate
(not shown). The precipitable hydrometeor species are
dominated by rain in NORM-max, while graupel pre-
vails in SIG-min (Figure 13). The latter as well as other
solid hydrometeors (snow, ice, aggregates) peak at upper
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Mixing ratio (g kg™")

Figure 13. Maximum mixing ratios of rain, snow plus pristine ice,

graupel, aggregates and cloud water versus binned air pressure (bin size

is 50 hPa) in experiments SIG-min and NORM-max at ¢ = 4 hours. The

horizontal grey line indicates the altitude of the precipitation maximum

on the mountain slope, and the cross on the y-axis the 0°C isothermal
surface.

levels where cloud water is being depleted, which sug-
gests that solid particles grow at the expense of cloud
droplets due to riming. Solid precipitation is thus formed
at levels in the vicinity of the mountain summit during
SIG events, which is evident in Figure 14 for graupel and
leads to a short hydrometeor residence time (and hence
a great microphysical efficiency) over high-elevation ter-
rain. The maximum of rain in NORM-max develops in
lower layers where cloud water decreases sharply from
its low-level maximum (Figure 13), which indicates a
region of significant collision and coalescence of cloud
droplets. These processes — which can be viewed as the
warm cloud equivalent of the upper-level riming in terms
of efficiency (Rotunno and Houze, 2007) — induce a
fast precipitation growth at low levels and lead to the
precipitation maximum directly beneath at ~800 hPa
(Figure 13). The altitude characteristics of microphysi-
cal efficiency, and thus the elevation difference in maxi-
mum P;, are maintained if only warm-water physics are
allowed in the two runs (Table III). Although precipita-
tion intensity decreases, the SIG simulation maintains the
higher-elevation maximum P, (Table III). This suggests
that mixed-phase precipitation physics are a driver, but
not the main control, of the modelled altitude dependency
of precipitation.

Similar to SIG events, minor precipitation events
(NORM-min and DRY-moist700) show an upper-level
maximum of RH in the background flow (see Figure 5)
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but fail to produce high graupel amounts at and above
summit levels, which keeps microphysical efficiency over
high-elevation terrain small (Figure 14). This failure
likely originates from the relatively small humidity in
the ABL of the background flow, which constrains the
strength of feedback between air lifting and microphysical
processes (condensation) through the effect of latent
heat (e.g. Table IV, Figure 14). On the other hand, a
high moisture content in the ABL alone (experiment
NORM-max) cannot cause a high-elevation maximum
of P; either, since precipitation growth mostly occurs
at low levels (Figure 13) and vertical transport of
moisture to high elevations is insufficient (Figure 12).
Thus, the factors controlling the altitude dependency
of precipitation can be tied back largely to the input
humidity profile.

The total condensate distribution (Figure 14) further
exhibits that the clouds ‘sit’ on the mountain in SIG and
NORM experiments, which is often observed over Kili-
manjaro and has been well documented by photography.
Of particular interest is the cloud pattern in experiment
DRY-moist700 (a simulation for the JJAS dry season),
which fails to close over the mountain peak and remains
stratiform (Figure 14). We have observed this pattern fre-
quently during our dry-season field trips, and it has been
described as one characteristic feature of cloud formation
on Kilimanjaro (Kaser and Osmaston, 2002). Thus, the
presence of a moist and potentially slightly stable or near-
neutral layer between 800 and 600 hPa in the background
flow (Figure 7), and resultant subsidence over the peak
(Figure 12), rank as possible causes of this phenomenon.
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- RT=612s
% 8000
&
£ 6000}
3
3 4000
< 2000
o= . . . . . .
70 80 90 100 110 120 130
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10000 | NORM—min LHgp = 1.04 Wm™®
RT = 1465 s
8000
6000
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y (km)
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5. Discussion: a climatology context

There is convincing evidence that precipitation variabil-
ity and changes in the Tropics over a defined time period
result primarily from changes in the number of wet and
dry episodes (frequency) within that period, rather than
from unprecedented precipitation amounts per episode.
This applies to the intraseasonal and interannual time-
scales where episodes are days and seasons (Garreaud
et al., 2003), but also to climatological scales where
episodes may be years or decades (Nicholson, 2000;
Hastenrath, 2001; Molg et al., 2006). Measurements
from Kibo’s summit demonstrate this nicely. The wettest
season, OND 2006, does not feature atypical snowfall
amounts but just a more frequent occurrence of wet days
(Figure 2, Figure 4). The opposite effect is seen for the
anomalously dry OND 2005 season with a high frequency
of dry days (Figure 4). In light of the simulated precipi-
tation profiles (Figure 9), this suggests that (1) moisture
changes over tropical high mountains — also beyond the
seasonal time-scale — most probably coincide with a verti-
cal shift of the mean elevation of maximum precipitation
and, as a result, (2) the precipitation change relative to
a longer-term mean is more drastic at high altitude than
at mid and low elevations. As discussed in section 4,
item (2) is evident in observations of seasonal variability
(Figures 4 and 10).

For a further examination of these frequency changes in
the tropical moisture climate, we turn to glacier recession
on Kilimanjaro which is forced by a drier regional climate
(see section 2). Any available time series of moisture
should therefore indicate changes in the frequency of dry
and wet episodes on Kibo’s summit, but not necessarily
changes in snowfall amounts during wet days. REA

10000 | SIG-min LHgo=1.34Wm=] |18
RT =696 s 1.6
8000 ’ 1.4
1.2

6000 ]
4000 0.8
0.6
2000 0.4
o= : . . . . . 0.2

70 80 90 100 110 120 130
X (km)

10000 | DRY-moist700 LHgg=0.69Wm={ [l 18
RT =1841s 1.6
8000 1.4
1.2

6000 oy dls ]

/
4000 i 08
0.6
2000 0.4
o= : . . . ) . 0.2
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Figure 14. Vertical cross-sections through the domain centre (x-axis is west—east, y-axis is south—north) of mixing ratios of total condensate

(filled contours, in g kg™"), graupel (solid lines every 0.15 g kg™'), and rain (dashed lines every 0.05 g kg™!) at t = 4 hours in four of the basic

experiments. LHgy gives the 90% percentile of latent heat in the cross-section’s cloud. RT is the mean hydrometeor residence time over terrain

>2500 m a.s.l., calculated after Colle (2008) (total condensate amount aloft/precipitation rate; both as means from t = 3-5 hours). The z-axis
is vertically exaggerated.
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are the only long-term data for the free troposphere
over Kilimanjaro, and we fully appreciate that time
series analysis with REA may be problematic due to
modifications in the assimilation process (Kistler et al.,
2001). To limit this issue, only data after the introduction
of satellite observations are considered here. This time
period is sufficiently long, since glacier shrinkage on
Kibo between the late 1970s and the present has been
clearly detectable (Cullen et al., 2006). Moreover, we
perform this time series analysis using the composite
of different variables associated with precipitation, and
different pressure levels, which supports robustness of
the results.

Figure 15 estimates the number of potential SIG and
DRY events from 1979 to 2006, by using moisture
thresholds at different pressure levels as discussed in
sections 4.2 and 4.3 (see also caption of Figure 15). For
snowfall in general, the potential instability strength in
the background flow (Table I) is assessed with respect
to a threshold of Af, =18 K in Figure 15, based
on the observation that the 70% percentile for DRY
(17.9 K), the 30% percentile for NORM (17.6 K), and
the 30% percentile of SIG events (18.3 K) converge at
this value. On decadal time-scales, there is thus a high
probability that the fluctuation around this threshold holds
information on snowfall occurrence on Kibo’s summit.
Also shown in Figure 15 is specific humidity at 700 hPa,
which is the best proxy for daily snowfall amount during
SIG events (section 4.2).

The various time series together (Figure 15) give a con-
sistent picture. Compared to the 1980s and early 1990s,
the latter half of the examined period has seen a higher
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frequency of dry episodes along with lower frequencies
of snowfall conditions and significant snowfall events on
Kibo’s summit, and furthermore an increase in the poten-
tial stability of the atmospheric column. Year 2006 is the
most prominent wet anomaly for the latter half of the
period. The 700 hPa moisture for SIG cases, on the other
hand, shows a negative tendency only from days 90 to
135 and does not suggest a longer-term change in daily
precipitation amounts (Figure 15). The presented com-
posite analysis adds further details to the issue of why
moisture-sensitive phenomena like slope glaciers (Cullen
et al., 2006) and vegetation zones (Hemp, 2005) on Kil-
imanjaro have changed significantly between the 1980s
and the present.

While the tropical atmosphere is generally expected to
harbour more moisture under global warming (following
Clausius—Clapeyron scaling), accompanying mechanisms
can also decrease tropical precipitation on the regional
scale, for instance a shift of the convective margin (Chou
et al., 2006; Lintner and Neelin, 2007). Such an inland
shift cannot be ruled out for equatorial East Africa since
the 1980s (Molg et al., 2009b), and is thus one possible
forcing of the increased (decreased) number of dry (wet)
spells detected in the background flow over Kilimanjaro
(Figure 15). A more detailed discussion about 20%
century climate change and its regional implications for
East Africa is provided in Molg et al. (2009b).

6. Conclusions

Air masses that approach Kilimanjaro on the daily scale
(the background flow) are characterized by differences in
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Figure 15. Annual number of days that show the potential of (a) very dry conditions (1000 < 12.5 and gepo and gs00 < 2.5 g kg‘l; N = 1105 days),

(b) significant snowfall (1000 > 15 and g500 > 4 g kg~'; N = 192 days), and (c) high snowfall probability (A6, > 18 K, N = 4932 days, with

mean annual A6, also shown as the line plot) on Kibo’s summit between 1979 and 2006 (evaluated from reanalysis grid point 2.5° S/37.5° E
at 1200 UTC). (d) Specific humidity at 700 hPa during the selected 192 days of significant snowfall.
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moisture content and potential instability, but much less
by temperature differences. A high moisture content in
the atmospheric boundary layer (ABL, ¢ > 15 g kg™!)
is one precondition for ‘significant’ precipitation events
on Kilimanjaro’s summit. A second control is exerted by
the moisture content in the 700—-500 hPa layer, which
determines precipitation amounts during the significant
events or can lead to ‘normal’ precipitation events on the
summit even if ABL humidity in the impinging flow is
rather low (~12 g kg™!).

Idealized simulations with an atmospheric model,
using different background flow characteristics as forc-
ing, demonstrate that the elevation zone of maximum
precipitation is shifted upslope from ~2000 m a.s.l. dur-
ing normal events to ~4500 m a.s.l. during significant
events. Substantial differences in precipitation between
such events therefore appear in the dry summit zone,
while small differences occur in the moister mid- and
low-elevation zones.

This modelled pattern of space—time variability is evi-
dent in observations of seasonal precipitation variabil-
ity from the lowlands and the summit of Kilimanjaro
(~5900 m a.s.]) during anomalous wet seasons (OND
2005 and 2006), which are governed by anomalous fre-
quencies of significant events. In these data, the deviation
relative to the mean precipitation is increased at high
elevation. The same applies to observations from two
different elevation zones on nearby Mount Kenya during
previous anomalous wet seasons.

Model simulations also suggest that convective
dynamics shift the precipitation maximum to the leeward
mountain flanks, where the climatological precipitation
maximum is observed (Coutts, 1969; Hemp, 2000).
Leeward precipitation is moreover favoured by the
formation of lee-side flow reversal after lateral deflection
of incoming air masses around the mountain. As the
impinging air becomes moister, latent heating and
static instabilities in clouds, air lifting over the slopes,
and microphysical efficiency at high altitude are all
increased — which shifts the precipitation maximum to
high elevations during significant events.

Regional climate change and variability in the Trop-
ics beyond the seasonal scale are also governed by fre-
quency changes of dry- and moist-air advection (e.g.
Nicholson, 2000; Hastenrath, 2001). Hence, the ‘belt’ of
maximum precipitation on tropical mountains most prob-
ably migrates vertically under tropical climate change,
and precipitation changes are most drastic in the dry
high-elevation zones. In East Africa the decrease in wet
episodes marked the transition from the late 19th century
wet climate to the 20th century dry climate (Nicholson,
2000; Hastenrath, 2001; Molg et al., 2006, 2009b). A
simple calculation of precipitation proxies between 1979
and 2006 suggests the regions around Kilimanjaro are
still experiencing an increase (decrease) in the number
of dry (wet) episodes. This agrees with the more recent
observations of social (e.g. Mwangi and Desanker, 2007)
and environmental implications of drought in East Africa
(e.g. Hemp, 2005; Cullen et al., 2006).
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